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Terrestrial oceanic and continental basalts are enriched by approximately þ 0.1% in 56Fe/54Fe ratio
relative to primitive, undifferentiated meteorites (chondrites). The d56Fe values of terrestrial basalts are
also distinct from those of basalts from Mars and asteroid Vesta, which have chondritic Fe isotopic
compositions. The processes responsible for the isotopic enrichment of terrestrial basalts are debated,
in part because the Fe isotopic composition of the mantle source of terrestrial basalts is unknown. Here
we report Fe isotopic measurements of abyssal peridotites, which are the residues of limited melting at
oceanic ridges and are thus the best proxies for the composition of the convective portion of the mantle.
Our data show that abyssal peridotites have a mean d56Fe value of þ 0.010 7 0.007% (relative to IRMM014), which is indistinguishable from chondrites. After correcting this data for seaﬂoor weathering and
mantle melting, we estimate the average Fe isotopic composition of the terrestrial mantle to be
d56Fe ¼ þ0.025 70.025%, which is also indistinguishable from chondrites, within current analytical
precision. We determine that the maximum shift in d56Fe for peridotite residues during partial mantle
melting is 0.01%. Our results argue against isotopic fractionation during core–mantle differentiation or
iron vaporization during the Moon-forming giant impact, because both processes would yield a bulk
mantle d56Fe value that is non-chondritic. In addition, our results suggest that disproportionation of
mantle Fe2 þ –Fe3 þ in perovskite and Fe0 metal and segregation of metal to the core could not have been
a driver for Fe isotopic fractionation in the silicate mantle. Instead, the different iron isotopic
compositions of abyssal peridotites and MORBs support mounting evidence for iron isotopic fractionation of melts but not residues during the formation of oceanic and continental crust.
& 2013 Elsevier B.V. All rights reserved.
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1. Introduction
Whether the bulk iron isotopic composition of the Earth is
chondritic or non-chondritic is highly contentious, yet is
important for models of Earth formation and evolution. Terrestrial
continental and oceanic (MORB) basalts are enriched in d56Fe
{d56Fe¼[(56Fe/54Fe)sample/(56Fe/54Fe)IRMM-014–1]  103} by approximately þ0.1% relative to chondrites and to basalts from other
planetary bodies, including Mars and Vesta (Craddock and Dauphas,
2010; Poitrasson et al., 2004; Schoenberg and von Blanckenburg,
2006; Teng et al., 2013; Weyer et al., 2005; Weyer and Ionov, 2007).
Several models have been put forward to account for this feature,
including some that assume that terrestrial basalts directly inherit the
Fe isotopic composition of their mantle source and so record a
fractionated, non-chondritic isotopic composition for the silicate Earth
n
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(d56FeBSE ¼ þ0.1%). One such interpretation is that kinetic isotope
fractionation associated with partial vaporization of Fe during the
Moon-forming giant impact enriched the silicate Earth (and Moon) in
the heavy isotopes of Fe (Poitrasson et al., 2004). Experimental studies
indicate that no detectable equilibrium iron isotopic fractionation is
present between molten metal and silicate up to 7 GPa (Hin et al.,
2012; Poitrasson et al., 2009). However, Polyakov (2009) argued that
at higher pressures relevant to core–mantle boundary conditions
(4100 GPa), partitioning between ferropericlase, post-perovskite and
metallic iron imposed Fe isotopic fractionation, which enriched the
bulk silicate portion of the Earth in the heavy isotopes of Fe. Most
recently, disproportionation of ferrous Fe2þ at high pressure in the
lower mantle to Fe0 metal and Fe3 þ in magnesium silicate perovskite
has been put forth as another process able to generate a silicate
mantle enriched in heavy Fe isotopes (Williams et al., 2012).
An alternative set of models (Dauphas et al., 2009a; Weyer and
Ionov, 2007) argues that the Fe isotopic composition of the bulk
silicate Earth is chondritic (i.e., d56FeBSE ¼0%). In these models,
terrestrial basalts do not record the same Fe isotopic composition
as their mantle source, but instead are interpreted to reﬂect iron
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isotopic fractionation during partial melting of the mantle (Dauphas
et al., 2009a; Weyer and Ionov, 2007; Williams et al., 2004, 2005).
Constraining the bulk d56Fe value of the terrestrial mantle is essential
not only for correctly interpreting the range of Fe isotopic compositions observed in terrestrial igneous rocks, but also for providing a
broader perspective on the origin of Fe isotope distributions in other
planetary bodies.
Several studies of terrestrial igneous rocks have attempted to
resolve the debate surrounding a chondritic versus nonchondritic Fe isotope composition for the bulk silicate Earth
(BSE, deﬁned as mantle plus crust). One focus has been Fe isotope
measurements of orogenic peridotites and peridotite xenoliths,
because these materials are the solid residues of melting and a
proxy for the upper mantle (Huang et al., 2011; Schoenberg and
von Blanckenburg, 2006; Weyer et al., 2005; Weyer and Ionov,
2007; Williams et al., 2005). The general conclusion from these
studies is that the average Fe isotopic composition of peridotites
is closer to that of chondrites than to MORBs. The most extensive
study is that of Weyer and Ionov (2007), who estimated that the
fertile upper mantle has a d56Fe value of þ 0.0270.03%. However, bulk d56Fe among individual peridotite samples in their
study ranges from  0.43 to þ0.17%, which is much larger than
can be reasonably explained by simple mantle melting processes
alone. The wide range of d56Fe values observed in orogenic
peridotites and peridotite xenoliths has been attributed to isotopic disturbances via late-stage metasomatism by melt or ﬂuid
(e.g., Weyer and Ionov, 2007; Zhao et al., 2010). Continental
xenoliths have long residence times in the sub-continental lithospheric mantle and have commonly experienced metasomatism,
as demonstrated by variable incompatible element enrichments
and the presence of hydrous minerals such as phlogopite and

amphibole (e.g., Roden and Murthy, 1985). Similarly, orogenic
massif peridotites have been modiﬁed in supra-subduction zone
environments and many have been metasomatized and extensively refertilized by reactions with melts in the lithosphere
(Bodinier and Godard, 2003). Such processes obscure the identiﬁcation of primary mantle isotopic signatures. Thus, interpretation of the Fe isotopic composition of orogenic peridotite and
peridotite xenoliths remains contested (e.g., Beard and Johnson,
2007; Poitrasson, 2007; Weyer et al., 2005).
Another method to constrain the Fe isotopic composition of
the bulk silicate Earth has been the analysis of maﬁc and
ultramaﬁc products from high degrees of mantle partial melting,
such as komatiites, boninites and island-arc basalts (Dauphas
et al., 2009a, 2010; Hibbert et al., 2012). If mantle melting is
associated with chemical and isotopic fractionation, high degree
partial melts are expected to have chemical and isotopic compositions more representative of their mantle source than low
degree partial melts (i.e., MORBs). Dauphas et al. (2009a) have
shown that Fe isotopic compositions of maﬁc magmatic rocks can
be correlated with chemical indices of the degree of mantle
melting (e.g., TiO2), consistent with positive Fe isotopic fractionation during mantle melting. The Fe isotopic compositions of
products from high degrees of partial melting are on average
lighter than that of MORBs. For example, boninites have an
average d56Fe of þ0.028 70.008% (Dauphas et al., 2009a), which
is difﬁcult to reconcile with a mantle source that is fractionated at
þ0.1%. However, interpretation of Fe isotopic signatures in
komatiites, boninites and island-arc basalts is not straightforward. Komatiites are mostly of Archean age and have been
subject to common and variable metamorphism, metasomatism
and alteration after emplacement (Beswick, 1983; Lahaye and
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Fig. 1. Photographs of abyssal peridotites demonstrating the range of alteration and deformation fabrics among samples in this study. (A) Harzburgite from the Tonga trench
consisting of olivine, orthopyroxene and spinel. The degree of serpentinization is o1 vol% as indicated by LOI¼0% (fresh peridotite, 7TOW-57-4). (B) Lherzolite from the SWIR with
moderate alteration (LOI¼ 9%). Orthopyroxene (brown porphyroclasts), clinopyroxene (green porphyroclasts) and spinel (black, not observable in hand specimen) are all relatively
unaltered. The gray material is olivine, which is partially replaced by mesh texture serpentine and minor magnetite (moderately altered peridotite, VAN7-85-47). (C) Harzburgite
from the SWIR with a high degree of alteration (LOI¼ 11%). Relicts of all primary minerals are present, but the degree of serpentinization is higher. Olivine has turned orange and is
also replaced by mesh texture serpentine and magnetite. Pyroxenes have rims of amphibole and/or serpentine (highly altered peridotite, VAN7-85-30). (D) Peridotite mylonite
illustrating the very fresh core and the contrasting orange weathered rinds along surfaces. Weathered rinds were physically separated and analyzed for their Fe isotopic composition
(peridotite mylonite, EN26-26-77). (For interpretation of the references to color in this ﬁgure legend, the reader is referred to the web version of this article.)
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Arndt, 1996; Nesbitt et al., 1979). The chemical and isotopic
overprint from such processes must be well constrained in order
to identify the underlying, primary magmatic signatures. Boninites and island-arc basalts are the products of hydrous melting
above subducting plates, forming from mantle sources that may
themselves have experienced previous melting and depletion
(e.g., Perﬁt et al., 1980; Taylor et al., 1994; Woodhead et al.,
1993). The restricted tectonic setting and speciﬁc conditions of
mantle melting for the genesis of these rocks has cast doubt on
whether their inferred near-chondritic mantle Fe isotopic signature can be considered representative of MORB mantle sources
and of the bulk silicate Earth (Williams et al., 2012).
To better constrain the Fe isotopic composition of the bulk
silicate Earth (BSE), we have measured the Fe isotopic composition of a suite of well-characterized abyssal peridotites from
ultra-slow oceanic spreading centers (Southwest Indian, Gakkel
and Molloy Ridges). Abyssal peridotites are the solid residues of
limited asthenospheric melting at oceanic ridges and are thus
the best proxies to the composition of the globally convecting
mantle (e.g., Johnson et al., 1990; Workman and Hart, 2005). In
comparison to previous studies, the peridotite samples examined
here provide the most direct constraints on the BSE model
composition.
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2. Samples and methods
The samples chosen for this study span the range of abyssal
peridotite chemical and radiogenic isotopic compositions, from
typical depleted peridotites to melt-veined peridotites (Warren
et al., 2009). The samples have a variety of alteration histories,
ranging from completely fresh, to serpentinized, to seaﬂoor
weathered (Fig. 1). Mylonites—ductily deformed rocks associated
with faults—are included in the sample suite as the cores of these
samples are extremely fresh, whereas the rims have undergone
seaﬂoor oxidative weathering. In addition, a single peridotite
from a subduction zone, collected at the Tonga trench, is included
in this study as the sample is the most chemically depleted and is
also extremely fresh.
2.1. Sample descriptions
2.1.1. Abyssal peridotites
A total of 29 abyssal peridotites from three spreading centers
were analyzed (Table 1). Thirteen samples are from the ultraslow
( o20 mm/yr full rate) spreading Oblique Segment, located at
91–161E on the Southwest Indian Ridge (SWIR) and dredged
during the 2003 R/V Melville cruise Vancouver Leg 7 (Dick et al.,

Table 1
Sample locations.
Cruise name

Sample

Lithology/type

Ridge, segment

Latitude

Longitude

Depth
(m)

FSR
(mm/yr)

Indian Ocean
Vancouver 7
Vancouver 7
Vancouver 7
Vancouver 7
Vancouver 7
Vancouver 7
Vancouver 7
Vancouver 7
Vancouver 7
Vancouver 7
Vancouver 7
Vancouver 7
Vancouver 7
Atlantis II-107-6
Atlantis II-107-6
Protea5
Protea5
Protea5
Protea5

Van7-85-27
Van7-85-30
Van7-85-42
Van7-85-47
Van7-85-49
Van7-86-27
Van7-96-09
Van7-96-21
Van7-96-21
Van7-96-25
Van7-96-28
Van7-96-35
Van7-96-38
AII-107-6-61-83
AII-107-6-61-83a
PROT-5-18-02
PROT-5-18-02a
PROT-5-18-11
PROT-5-18-40

Harzburgite
Harzburgite
Lherzolite
Lherzolite
Lherzolite
Lherzolite
Pyroxenite vein
Lherzolite w/ pyroxenite vein
Pyroxenite vein
Lherzolite
Lherzolite
Lherzolite
Lherzolite
Peridotite mylonite; interior
Peridotite mylonite; exterior
Peridotite mylonite; interior
Peridotite mylonite; exterior
Peridotite mylonite
Peridotite mylonite

SWIR,
SWIR,
SWIR,
SWIR,
SWIR,
SWIR,
SWIR,
SWIR,
SWIR,
SWIR,
SWIR,
SWIR,
SWIR,
SWIR,
SWIR,
SWIR,
SWIR,
SWIR,
SWIR,

52.271S
52.271S
52.271S
52.271S
52.271S
52.131S
53.151S
53.151S
53.151S
53.151S
53.151S
53.151S
53.151S
53.381S
53.381S
46.541S
46.541S
46.541S
46.541S

15.231E
15.231E
15.231E
15.231E
15.231E
15.151E
9.981E
9.981E
9.981E
9.981E
9.981E
9.981E
9.981E
9.331E
9.331E
33.791E
33.791E
33.791E
33.791E

4190
4190
4190
4190
4190
3738
3134
3134
3134
3134
3134
3134
3134
4063
4063
5100
5100
5100
5100

12.0
12.0
12.0
12.0
12.0
12.0
12.4
12.4
12.4
12.4
12.4
12.4
12.4
14.1
14.1
14.7
14.7
14.7
14.7

Arctic Ocean
Healy 01-02
Healy 01-02
Healy 01-02
Healy 01-02
Healy 01-02
Healy 01-02
Healy 01-02
Healy 01-02
Healy 01-02
Healy 01-02
Polarstern ARK XVII/2
Polarstern ARK XVII/2
Polarstern ARK XVII/2
Polarstern ARK XVII/2
Polarstern ARK XVII/2
Endeavour EN26
Endeavour EN26
Endeavour EN26

HLY0102-04-43
HLY0102-34-24
HLY0102-40-24
HLY0102-40-81
HLY0102-41-24
HLY0102-70-56
HLY0102-70-75
HLY0102-70-87
HLY0102-70-91
HLY0102-92-36
PS59-201-39
PS59-235-17
PS59-235-18
PS59-257-15
PS59-317-06
EN26-26-71
EN26-26-77
EN26-26-77a

Lherzolite
Lherzolite
Harzburgite
Harzburgite
–
Lherzolite
Lherzolite
Lherzolite
Lherzolite
Harzburgite
Harzburgite
Lherzolite
Lherzolite
Lherzolite
Harzburgite
Dunite mylonite
Harzburgite mylonite; interior
Harzburgite mylonite; exterior

Gakkel Ridge, SMZ
Gakkel Ridge, SMZ
Gakkel Ridge, SMZ
Gakkel Ridge, SMZ
Gakkel Ridge, SMZ
Gakkel Ridge, EVZ
Gakkel Ridge, EVZ
Gakkel Ridge, EVZ
Gakkel Ridge, EVZ
Gakkel Ridge, EVZ
Gakkel Ridge, SMZ
Gakkel Ridge, SMZ
Gakkel Ridge, SMZ
Gakkel Ridge, SMZ
Gakkel Ridge, SMZ
Molloy Ridge, Spitzbergen F.Z.
Molloy Ridge, Spitzbergen F.Z.
Molloy Ridge, Spitzbergen F.Z.

84.831N
85.031N
85.441N
85.441N
85.681N
86.751N
86.751N
86.751N
86.751N
86.251N
85.491N
84.641N
84.641N
85.951N
85.801N
79.381N
79.381N
79.381N

4.661E
8.201E
14.521E
14.521E
17.841E
64.721E
64.721E
64.721E
64.721E
34.691E
17.001E
4.221E
4.221E
23.951E
21.531E
2.651E
2.651E
2.651E

4294
4482
4508
4508
4001
4328
4328
4328
4328
4876
3193
4220
4220
4978
4652

12.9
12.7
12.0
12.0
12.0
11.0
11.0
11.0
11.0
12.0
12.0
12.9
12.9
12.0
12.0
14.5
14.5
14.5

Paciﬁc Ocean
Seven-Tow

7TOW-57-4

Harzburgite

Tonga Trench, Subduction

20.251S

173.241W

9270

Oblique
Oblique
Oblique
Oblique
Oblique
Oblique
Oblique
Oblique
Oblique
Oblique
Oblique
Oblique
Oblique
Shaka F.Z.
Shaka F.Z.
Prince Edward
Prince Edward
Prince Edward
Prince Edward

SWIR¼ Southwest Indian Ridge; SMZ¼ Sparsely Magmatic Zone; EVZ ¼ Eastern Volcanic Zone.

F.Z.
F.Z.
F.Z.
F.Z.
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Table 2
Isotopic and chemical compositions of abyssal peridotites.
Sample name

d56Fe

(%)

d57Fe

(%)

Whole rock composition
Al2O3

MgO

FeO

CaO

Na2O

K2 O

TiO2

MnO

P2O5

LOI

Total

7.2
49.4
46.2
35.2

11.1
6.99
7.91
7.56

11.4
0.12
0.55
1.20

2.22
0.03
0.03
0.10

0.52
–
0.01
0.02

2.73
–
0.01
0.11

0.17
0.11
0.13
0.12

0.27
–
0.00
0.04

–
–
–
12.19

99.04
96.49
100.01
98.88

Spinel
Cr]

Cpx
Ce
(ppm)

Alteration
index
(1–5)

Weathering
index (1–3)

MgO/
SiOn2

Group
(1–3)

Mg]

Reference materials
BHVO-2
0.099 7 0.027
DTS-2b
0.024 7 0.055
PCC-1
0.020 7 0.028
UB-N
0.057 7 0.028

0.129 7 0.054
0.035 7 0.111
0.047 7 0.049
0.082 7 0.049

49.9
39.4
44.41
39.43

13.5
0.45
0.72
2.90

Abyssal peridotites
Southwest Indian Ridge
Van7-85-27
0.021 7 0.039
Van7-85-30
0.017 7 0.039
Van7-85-42
0.050 7 0.028
Van7-85-47
0.000 7 0.028
Van7-85-49
0.003 7 0.039
Van7-86-27
0.108 7 0.039
Van7-96-09
 0.011 7 0.030
Van7-96-21
 0.003 7 0.030
Van7-96-21
 0.002 7 0.039
Van7-96-25
 0.055 7 0.030
Van7-96-28
 0.011 7 0.030
Van7-96-35
0.096 7 0.030
Van7-96-38
0.021 7 0.030

0.023 7 0.078
0.038 7 0.078
0.048 7 0.049
 0.007 7 0.049
 0.012 7 0.078
0.162 7 0.078
 0.006 7 0.060
 0.005 7 0.049
0.008 7 0.078
 0.093 7 0.060
 0.022 7 0.049
0.132 7 0.049
0.017 7 0.060

40.55
40.15
40.26
41.32
40.48
43.60
46.04
41.70
43.31
39.02
41.70
35.75
42.48

1.87
2.31
1.99
2.21
1.62
2.40
8.27
2.15
4.50
2.15
2.18
1.17
3.77

36.28
36.62
34.92
36.20
36.14
33.35
25.40
36.59
32.21
34.24
34.65
30.62
33.54

7.19
7.92
7.60
8.45
7.86
8.84
4.74
8.42
7.34
8.49
8.39
6.52
8.73

1.03
0.87
2.18
1.56
1.76
2.51
8.56
1.30
4.54
0.73
2.11
8.24
2.56

0.16
0.12
0.12
0.12
0.16
0.26
0.56
0.17
0.29
0.25
0.27
0.09
0.28

0.010
0.010
0.007
0.011
0.000
0.021
0.036
0.017
0.014
0.036
0.026
0.007
0.028

0.035
0.042
0.036
0.029
0.030
0.045
0.241
0.085
0.180
0.072
0.092
0.046
0.143

0.106
0.101
0.099
0.105
0.105
0.116
0.161
0.115
0.114
0.202
0.254
0.167
0.238

0.025
0.016
0.009
0.015
0.015
0.032
0.011
0.023
0.010
0.029
0.033
0.028
0.038

11.51
11.08
11.98
9.27
9.83
8.86
5.57
9.12
6.88
13.67
9.59
16.58
8.15

98.76
99.24
99.21
99.30
97.99
100.03
99.59
99.68
99.40
98.88
99.29
99.21
99.94

90.0
89.2
89.1
88.4
89.1
87.1
90.5
88.6
88.7
87.8
88.0
89.3
87.3

23.4
15.4
15.9
17.4
14.9
17.9
34.4
26.5
16.6
13.8
32.3
24.0
11.5

0.029
0.005
0.006
0.004
0.019
0.013
1.321
4.196
4.486
1.380
3.292
2.184
0.882

4
4
3
3
3
4
2
3
3
3
3
3
3

2
1
1
1
1
3
1
1
1
2
3
3
3

0.080
0.022
0.096
0.073
0.104
0.178
 0.054
0.078
0.024
0.066
0.122
0.166
0.033

2
1
2
2
3
3
1
2
1
2
3
3
1

Gakkel ridge, Arctic
HLY0102-04-43
HLY0102-34-24
HLY0102-40-24
HLY0102-40-81
HLY0102-41-24
HLY0102-70-56
HLY0102-70-75
HLY0102-70-87
HLY0102-70-91
HLY0102-92-36
PS59-201-39
PS59-235-17
PS59-235-18
PS59-257-15
PS59-317-06

Ocean
0.021 7 0.029
 0.047 7 0.029
0.060 7 0.039
 0.048 7 0.029
0.077 7 0.029
0.005 7 0.028
0.007 7 0.028
 0.018 7 0.028
0.050 7 0.039
0.022 7 0.039
 0.052 7 0.028
0.048 7 0.030
0.049 7 0.030
 0.012 7 0.030
0.024 7 0.030

0.026 7 0.042
 0.069 7 0.042
0.087 7 0.078
 0.055 7 0.042
0.112 7 0.042
0.017 7 0.049
 0.004 7 0.049
 0.021 7 0.049
0.073 7 0.078
0.038 7 0.078
 0.079 7 0.049
0.096 7 0.064
0.058 7 0.064
0.007 7 0.064
0.038 7 0.064

35.76
40.83
36.66
44.48
39.89
38.88
38.46
39.79
40.66
38.23
39.85
45.47
44.46
40.22
38.81

2.53
2.14
0.60
0.98
0.47
1.55
2.16
1.94
2.62
1.66
0.93
2.86
2.65
1.52
1.60

30.11
34.27
35.61
44.43
38.19
35.82
35.49
35.05
34.58
33.77
36.21
39.95
41.29
36.02
37.17

10.28
8.33
6.98
8.39
7.50
7.35
6.85
7.84
7.02
9.33
7.27
8.19
8.47
7.68
7.33

5.26
1.72
6.06
0.71
0.28
1.82
2.36
2.19
1.86
1.96
4.58
3.14
2.29
1.03
0.26

0.30
0.17
0.12
0.07
0.16
0.17
0.13
0.11
0.10
0.29
0.12
0.14
0.10
0.14
0.13

0.013
0.009
0.006
0.000
0.009
0.004
0.009
0.002
0.004
0.013
0.006
0.000
0.000
0.006
0.007

0.039
0.034
0.041
0.010
0.037
0.018
0.031
0.049
0.045
0.035
0.004
0.065
0.056
0.035
0.021

0.137
0.165
0.107
0.130
0.110
0.099
0.093
0.112
0.111
0.102
0.113
0.131
0.137
0.100
0.106

0.102
0.060
0.017
0.020
0.033
0.015
0.016
0.002
0.013
0.073
0.027
0.007
0.010
0.028
0.023

13.81
11.88
12.55
1.19
12.72
13.08
14.01
11.77
11.93
14.02
10.09
0.39
0.53
12.85
14.37

98.33
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Whole rock major elements of peridotites are from this study. Negative values for LOI are within the estimated reproducibility of 7 0.5 %. The indices of serpentinization (alteration) and weathering are from visible inspection of
samples in hand specimen and/or polished section. Weathering index from 1¼ fresh to 3 ¼extensively weathered. Alteration index from 1 ¼fresh to 5 ¼completely altered. MgO/SiOn2 is the difference between the measured and
predicted MgO/SiO2 ratios based on the terrestrial geochemical fractionation trend as an indicator of the degree of weathering (Groups 1–3). Spinel Cr] and clinopyroxene Ce are from published studies of the same samples
(references listed in the text).
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2003; Standish et al., 2008). Seaﬂoor peridotite exposures are
relatively common along this segment due to normal faulting that
accommodates a signiﬁcant proportion of the spreading (Dick
et al., 2003). The peridotites used in this study have been
characterized extensively for their mineral, trace element and
radiogenic isotope compositions (Warren et al., 2009; Warren and
Shirey, 2012). Samples from dredge Van7-85 are typical depleted
harzburgites and lherzolites, while those from dredge Van7-96
include pyroxenite-veined peridotites. Van7-96 dredge samples
span the radiogenic isotope ﬁeld of MORBs and abyssal peridotites, from depleted to enriched. The pyroxenites have the same
range of trace element and radiogenic isotopic compositions as
their peridotite hosts and are thought to have originated during
the passage of the nearby Bouvet hotspot (Warren et al., 2009).
Fifteen samples are from the Gakkel ridge in the high Arctic
Ocean, collected during a coordinated two ice-breaker cruise
(USCGC Healy and PFS Polarstern) in Summer 2001 (Michael
et al., 2003; Thiede and Shipboard Scientiﬁc Party, 2002). The
Gakkel ridge extends east for  1800 km from the Lena trough,
north of Greenland, toward the continental margin of the Laptev
Sea. Full spreading rate decreases west to east from 14 to 7 mm/yr,
making the entire ridge ultra-slow spreading. Sampling focused on
the western half of the Gakkel ridge from 51W to 851E, with
peridotites recovered primarily between 31 and 291E in the Sparsely
Magmatic Zone. Seaﬂoor spreading in this section is associated with
little or no volcanism (Michael et al., 2003). Both harzburgite and
lherzolite occur in the western part of the Sparsely Magmatic Zone,
while lherzolite is dominant to the east (Michael et al., 2003).
A single peridotite from the Tonga trench at 211S is also
included in this study. This sample (7TOW-57-4) was recovered
at a depth between 9270 and 9130 m by dredge during the 1970
cruise Seven-Tow aboard R/V Thomas Washington (Bloomer and
Fisher, 1987). The sample is associated with the edge of the Tonga
Plate, which is over-riding the Paciﬁc Plate. Peridotites from this
dredge are predominantly harzburgite with almost no alteration
( o1 vol% serpentine). Sample 7TOW-57-4 from the Tonga ridge is
the freshest of the abyssal peridotites in this study (Fig. 1), and
one of few abyssal peridotites containing 0–1 vol% serpentine.

2.1.2. Peridotite mylonites
Six abyssal peridotite mylonites were also studied for their
iron isotopic compositions (Table 1). Mylonite is a generic term
that refers to rocks that have undergone intense ductile deformation, resulting in grain size reduction, often by orders of magnitude (White et al., 1980). In peridotite mylonites, olivine has
typically recrystallized to a grain size of 1–100 mm, compared to
an original grain size of 1–10 mm (Jaroslow et al., 1996). Abyssal
peridotite mylonites are often very fresh, with serpentinization
limited to cross-cutting veins. Seaﬂoor oxidative weathering is
readily observed on the mylonite samples as thin layers (o5 mm)
stained with Fe-oxyhydroxide (Fig. 1). For this study, weathered
rinds were isolated from the fresh interiors and were analyzed
separately.
Four of the peridotite mylonites in this study are from the
SWIR, collected during cruises AII-107-6 (R/V Atlantis II, 1980) and
Protea5 (R/V Melville, 1984) from the 91E Shaka and 331–351E
Prince Edward fracture zones, respectively. Detailed petrologic
descriptions of these samples are provided by Farmer and Dick
(1981), Fisher et al. (1986) and Jaroslow et al. (1996). Mylonites
from the Shaka F.Z. are predominantly harzburgite. The few
mylonites described lithologically from the Prince Edward F.Z.
are lherzolite. The two other peridotite mylonites are from the
Molloy ridge in the Arctic Ocean at 791N, 31E (depth 2000 m)
between the Knipovich Ridge and the Lena Trough. These samples
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and Le Roex, 1985). The range of chemical compositions within
which our samples fall (e.g., whole rock Al2O3, spinel Cr]) is
consistent with the abyssal peridotites representing the residues
of o15–20% mantle partial melting (Dick and Bullen, 1984).
Modeling with MELTS can reproduce the major element variability among our samples by 4–16% melting (Fig. 2a). This is in
agreement with recent estimates of mantle melting at mid-ocean
ridges of between 6% and 10% globally (Salters and Stracke, 2004;
Workman and Hart, 2005).
2.2. Analytical methods

whole rock Na2O (wt.%)

0.6

0.4

0.2

0

0

2
4
whole rock Al2O3 (wt.%)

Fig. 2. Indices of geochemical fractionation: Spinel Cr][¼ molar Cr/(Cr þAl)] and
whole-rock Na2O versus whole rock Al2O3 on an anhydrous basis. The peridotites
studied here span the range of whole rock compositions observed globally (crosses
in bottom panel; Niu, 2004), which are interpreted as reﬂecting a range of degrees
of partial melting. The orange trend (top panel) is geochemical fractionation in the
residue modeled for 0–15% partial melting of average depleted mantle (Workman
and Hart, 2005). The modeled compositions overlap those measured in our
peridotite suite. The calculation was carried out using MELTS thermodynamic
software to track major element distributions among melt and mineral phases
(Asimow and Ghiorso, 1998; Ghiorso and Sack, 1995). Melting was fractional and
induced by decompression from 2.5 to 0.2 GPa along an adiabat, starting at a
temperature of 1350 1C (which is above the solidus at 2.5 GPa) and ending at
1257 1C. The oxygen fugacity, fO2, was ﬁxed at QFM to calculate the ferric and
ferrous Fe contents of the solid at starting temperature and pressure.
(For interpretation of the references to color in this ﬁgure legend, the reader is
referred to the web version of this article.)

are from dredge EN26-26, recovered during the 1978 cruise EN26
aboard R/V Endeavour (Neumann and Schilling, 1984).
Major and trace element compositions of the peridotite samples studied here (Table 2) span the range observed globally, from
relatively fertile to chemically depleted (Fig. 2). For example,
whole rock Al2O3 contents of the peridotites, excluding the
pyroxenite veins, overlap the range reported by previous studies
(Coogan et al., 2004; Godard et al., 2008; Niu, 2004; Paulick et al.,
2006). Spinel Cr]{¼molar Cr/(CrþAl)  100} in our samples
ranges from 12 to 57, compared to a global variation from 10 to
59 for abyssal peridotites (Dick and Bullen, 1984). The reciprocal
correlation between spinel Cr] and whole rock Al2O3 reﬂects
geochemical fractionation during partial mantle melting, owing to
the more incompatible behavior of Al relative to Cr (Dick and
Bullen, 1984). Most of the samples have pyroxene trace element
concentrations typical of abyssal peridotites (Johnson et al.,
1990). The exceptions are the abyssal peridotites and pyroxenites
from dredge Van7-96 from the Southwest Indian Ridge, which are
trace element enriched (Warren et al., 2009). These samples are
interpreted as reﬂecting a contribution from recycled components
in the Bouvet plume, which was co-located under the western
end of the Oblique Segment spreading axis at  15 Ma and is
currently associated with Bouvet Island, South Atlantic (Hartnady

From hand specimen, approximately 5 g of interior material
was obtained by cutting with a wafer blade. Where possible,
weathered rims were removed from cut samples by gently
grinding exterior surfaces, but for some abyssal peridotites in
which weathering appeared pervasive this removal was incomplete. For the mylonites, oxidative rinds were easily isolated from
the fresh interiors retained for isotopic analysis. Subsequent
sample preparation and Fe isotope measurements followed the
analytical procedures developed in our laboratory and described
in detail previously (Dauphas et al., 2004, 2009b). Samples were
crushed to powder using hand pestle and mortar. Between 5 and
15 mg of powdered sample was digested by sequential acid
treatment and then puriﬁed by ion exchange chromatography
(Bio-Rad AG1-X8, chloride form, 1 mL volume) in HCl medium.
The puriﬁed sample solutions were analyzed for their Fe isotopic
composition using a Thermo Scientiﬁc Neptune MC-ICPMS at the
University of Chicago. Instrumental mass fractionation was corrected using standard–sample bracketing. Iron isotopic compositions are reported in permil deviation relative to the reference
material IRMM-014, or IRMM-524a (metal from which IRMM-014
is prepared), which have an identical iron isotopic composition
(Craddock and Dauphas, 2010; Taylor et al., 1992). All Fe isotopic
values are reported at the 95% conﬁdence level. Dauphas et al.
(2009b) have shown that iron isotopic measurements are accurate at the 70.025% level.
To demonstrate the accuracy and long-term reproducibility of
isotope ratio measurements in our laboratory, we report here the
Fe isotopic compositions of well-characterized maﬁc and ultramaﬁc reference materials (basalts BHVO-1/BHVO-2, peridotite
PCC-1, dunite DTS-2b and serpentine UB-N). In all cases, our
measured Fe isotope ratios are identical within analytical uncertainties to other laboratory values (Poitrasson et al., 2004;
Schoenberg and von Blanckenburg, 2005; Schuessler et al.,
2009; Weyer et al., 2005), including those reported recently by
Millet et al. (2012) using a Fe double spike.
Major element analyses of whole rock samples (Table 2) were
carried out by the GeoAnalytical Lab at Washington State
University, following procedures detailed by Johnson et al.
(1999). Spinel Cr] and clinopyroxene trace element concentrations are from previous studies (Jaroslow et al., 1996; Stracke
et al., 2011; Warren and Hirth, 2006; Warren et al., 2009).
The alteration present among samples in this study is typical
of abyssal peridotites. In hand specimen, abyssal peridotites
display a range of degrees of alteration (Fig. 1). While abyssal
peridotites can appear highly altered, thin section analysis often
reveals that alteration is not pervasive, with all primary mineral
phases still present. Commonly, peridotites have experienced
hydrothermal alteration, which results in partial replacement of
olivine by a mesh network of serpentine (e.g., Bach et al., 2006).
This partial serpentinization is often responsible for changes in
color and texture of the sample (compare Fig. 1b and c to a). We
developed an alteration index (Table 2) for abyssal peridotites on
a scale of 1 (fresh) to 5 (completely altered). Peridotites have an
alteration index of 2 (relatively fresh) if they preserve primary
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pyroxenes with minimal or no alteration to serpentine. In contrast, a value of 3 indicates peridotites with pyroxenes being
partially replaced and rimmed by amphibole or serpentine, and
olivine being more pervasively replaced. Samples have an index of
4 if one or more mineral phase is completely altered and an index
of 5 if they are completely altered.
Marine weathering of seaﬂoor samples also occurs at very low
temperature when peridotites are exposed on the seaﬂoor for
extended periods of time (e.g., Snow and Dick, 1995). Oxidative
marine weathering is visible as discoloration of the peridotites
from the original greenish hue to tan or orange, in particular
along exposed surfaces and cracks (Fig. 1d). In some cases,
replacement of olivine by clay minerals occurs. We developed a
weathering index on a scale of 1–3 to categorize the degree of
weathering in our samples (Table 2). Peridotites with a weathering index of 1 are visibly unweathered with no orange coloration; an index of 2 represents samples with minor amounts of
orange coloring and clay mineral formation; an index of 3 represents highly weathered samples that are orange in color and have
extensive formation of clay minerals.
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The d Fe values of all whole rock abyssal peridotites and
peridotite mylonites fall within a limited range from  0.094 to
þ0.108% (Fig. 3; Table 2). This range of d56Fe values measured in
abyssal peridotites and peridotite mylonites is signiﬁcantly smaller
than among orogenic peridotites. Abyssal peridotites with the
highest degree of alteration and weathering tend to have the
heaviest Fe isotopic compositions (Table 2), whereas the Fe isotopic
compositions of the other whole rock samples cluster about 0%. The
mean of all abyssal peridotite samples (d56Fe¼ þ0.01070.007%,
n¼37) is indistinguishable from that of carbonaceous, ordinary and
enstatite chondrites (d56Fe¼ þ 0.00570.008%, n¼ 42), but is signiﬁcantly lighter than that of their MORB complements
(d56Fe¼ þ0.11070.003%, n¼52; Figs. 3 and 4; e.g., Beard et al.,
2003; Schoenberg and von Blanckenburg, 2006; Teng et al., 2013;
Weyer and Ionov, 2007). This is demonstrated by two-tailed Student
t-tests. There is no statistically signiﬁcant difference between the
mean d56Fe compositions of peridotites and chondrites [t(77)¼0.75,
critical t (po0.025)¼2.29]. However, the sample populations of
peridotites and MORBs have statistically different mean d56Fe
compositions [t(85)¼11.43, critical t (po0.025)¼2.28]. There is
no indication of systematic inter-ridge differences in d56Fe values
among either peridotite or basalt populations (Fig. 4). The average
d56Fe of peridotite samples from SWIR (þ0.01670.012%, n¼13)
and Gakkel (þ0.00970.011%, n¼15) are the same at the current
level of analytical precision.

4. Discussion
This study of abyssal peridotites and peridotite mylonites
demonstrates that oceanic mantle rocks have a narrow distribution of Fe isotopic values clustered about 0%, with a mean d56Fe
composition that is identical to that of chondrites, within analytical uncertainty (Fig. 3). Abyssal peridotites are the best samples
to directly investigate elemental and isotopic composition of the
mantle, as they are the residues of asthenospheric melting with
limited melt removed. Below, we present arguments that demonstrate that the Fe isotopic compositions of abyssal peridotites
during melting preserve that of their asthenospheric source and
are thus representative of the convective portion of the bulk
silicate Earth. The abyssal peridotite data provide the most
convincing evidence to date that the terrestrial mantle has a bulk
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-0.2
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Fig. 3. Iron isotope frequency distributions of chondrites (Craddock and Dauphas,
2010; Dauphas et al., 2009a), abyssal peridotites and peridotite mylonites (this
study), and mid-ocean ridge basalts (Beard et al., 2003; Schoenberg and von
Blanckenburg, 2006; Teng et al., 2013; Weyer and Ionov, 2007). The Fe isotopic
composition (d56Fe) of the upper mantle inferred from our abyssal peridotite data
is indistinguishable from that of chondrites.

Fe isotopic composition nearly identical to that of chondrites.
Further, the data demonstrate that MORBs have an Fe isotopic
composition fractionated by þ0.1% in d56Fe relative to their
mantle source, supporting evidence for Fe isotope fractionation
during terrestrial mantle partial melting.
4.1. Iron isotope redistribution in peridotites owing to alteration
and weathering?
We consider ﬁrst whether hydrothermal alteration or weathering have systematically affected the primary Fe isotopic composition of these mantle rocks before discussing the broad
implications from our Fe isotopic data. It is commonly observed
that abyssal peridotites are variably affected by post-magmatic
hydrothermal alteration and marine weathering (Niu, 2004; Snow
and Dick, 1995), and the majority of peridotites in this study have
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Fig. 4. Summary of the stable Fe isotope compositions (d56Fe vs. IRMM-014) of abyssal peridotites and peridotite mylonites (this study) and of mid-ocean ridge
basalts (MORBs) from oceanic spreading centers (Weyer and Ionov, 2007; Teng et al., 2013). The weighted mean d56Fe value and associated 95% conﬁdence envelope are
shown for peridotites and basalts according to ridge location. Our most conservative estimate of analytical uncertainty is 70.025% (shown by the
vertical error bar) is based on the accuracy of Fe isotope measurements determined by Dauphas et al., (2009b). Peridotite and MORB populations have statistically
different d56Fe compositions, with MORBs heavier by þ 0.1%. There is no statistical difference in the Fe isotopic composition within peridotite and MORB populations
sampled from different spreading centers. At current limits of analytical precision, the isotopic fractionation between peridotite (mantle residue) and basalts (melt) is the
same along all ridge axes.
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undergone some degree of hydrothermal alteration and/or oxidative marine weathering. Hydrothermal alteration of peridotite is
driven primarily by serpentinization at elevated temperatures
(  150–400 1C) associated with hydration of primary olivine and
pyroxenes to secondary minerals including serpentine and brucite
(e.g., Bach et al., 2006), whereas marine weathering is distinguished as a very low temperature, oxidative process operating at
the seaﬂoor (Snow and Dick, 1995).
The extent of serpentinization in the abyssal peridotite samples
ranges widely, from minimal (o1 vol% serpentine) to high
(420 vol% serpentine; Fig. 1). The degree to which abyssal peridotites are serpentinized can be assessed from whole rock water
contents, represented by loss on ignition (LOI, wt%). LOI values for
samples in this study range from 0% to 17% (Fig. 5), indicating
variable degrees of serpentinization among abyssal peridotites, in
agreement with petrographic observations. Samples with LOI o2%,
and thus minimal serpentinization, include the Tonga sample, three
Gakkel samples and the cores of the peridotite mylonites (Table 2).
Serpentinization does not appear to have disturbed—at least
not in a systematic manner—the primary Fe isotope composition
of the peridotites. The d56Fe values of heavily serpentinized
peridotites are not obviously different from those of unserpentinized or weakly serpentinized samples (d56Fe vs. LOI,
Fig. 5). The best ﬁt through the data indicates that the mean
d56Fe value of peridotites is invariant with increasing degrees of
serpentinization. The whole rock Fe contents of the abyssal
peridotites and peridotite mylonites, excluding the pyroxeniteveined samples, range between 8 and 12 wt% FeOT on an anhydrous basis. Thus, they do not exhibit the extensive Fe depletion
that would be required to fractionate the isotopes of Fe in the
altered residue. These observations can be explained by the fact
that serpentinization is near isochemical except for the addition of
water (i.e., major element ratios are unchanged), without mobilization and loss of Fe at the whole-rock scale (Bach et al., 2006; Niu,
2004). The lack of large-scale mobilization of Fe during serpentinization (i.e., acting as a closed system process) is expected not to
produce Fe isotopic fractionation. Our interpretation is similar to
that of Rouxel et al. (2003) who found that the calculated average
Fe isotopic composition of basalt alteration products was found to
be very similar to that of bulk basaltic crust, despite a wide range
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Fig. 5. Chemical and isotopic indicators of peridotite alteration (serpentinization)
and seaﬂoor weathering. (a) Hydrothermal alteration is driven primarily by
serpentinization at elevated temperatures (4150–400 1C) associated with hydration of primary olivine and pyroxenes to secondary minerals including serpentine
and brucite (e.g., Bach et al., 2006). Loss on ignition (LOI, wt%) is a proxy for the
degree of hydration (serpentinization). (b) Low temperature oxidative weathering
at the seaﬂoor is characterized by preferential loss of MgO (Snow and Dick, 1995),
as shown by departure from the terrestrial magmatic fractionation array that
deﬁnes primary MgO/SiO2 ratios (Jagoutz et al., 1979; Hart and Zindler, 1986).
Our geochemical estimate of weathering, MgO/SiOn2. Dashed lines correspond to
MgO/SiOn2 values of 0.1 and 0.2. (c) d56Fe versus LOI. (d) d56Fe versus MgO/SiOn2
Blue bands in (c) and (d) deﬁne the best ﬁt and 95% conﬁdence interval of the
regression through each dataset. Samples are plotted according to their weathering index (W.I.), which is based on visual examination of hand specimens. See
Supplementary material for the same data plotted according to their geographic
location, which shows that no systematic variation occurs as a function of
location. (For interpretation of the references to color in this ﬁgure legend, the
reader is referred to the web version of this article.)
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of Fe isotopic composition (42% in d56Fe) among individual
altered samples (Rouxel et al., 2003). The net ﬂux of Fe during
high-temperature alteration of basalt or peridotite appears to be
small at the macro (410 cm) scale, with no net change in wholerock primary d56Fe compositions.
Marine weathering of abyssal peridotites at the seaﬂoor is known
to affect primary chemical compositions (Snow and Dick, 1995), and
may have disturbed Fe isotopic compositions. One proxy for the
extent of weathering is MgO/SiO2, because Mg is lost preferentially
from the rock during this process (Snow and Dick, 1995). Seaﬂoor
weathering can be identiﬁed by a plot of MgO/SiO2 versus Al2O3/SiO2
(Fig. 5) in which weathering is characterized by departure from the
terrestrial geochemical fractionation array (Hart and Zindler, 1986;
Jagoutz et al., 1979). Our proxy for weathering, MgO/SiOn2, is a
quantitative measure of the departure of the measured peridotite
MgO/SiO2 ratio from the geochemical fractionation trend. MgO/SiOn2 is
calculated as the difference between measured MgO/SiO2 and primary MgO/SiO2 ratios, with the primary ratio of each sample
estimated from the MgO/SiO2 versus Al2O3/SiO2 magmatic fractionation trend, assuming that Al and Si are immobile during marine
weathering (Snow and Dick, 1995). As MgO/SiOn2 ratios and the
inferred degree of weathering increase, so does the dispersion of
the Fe isotopic compositions (Fig. 5). This suggests that weathering
has affected the Fe isotopic compositions of the peridotites. To
evaluate this issue more carefully, we have divided the data into
three geochemical groups of approximately equal size, showing
different extents of weathering. Group 1 contains the 13 least
weathered samples (out of 37 samples total) that have the lowest
MgO/SiOn2 ratios (o0.045). Group 3 contains the 12 most weathered
samples with the highest MgO/SiOn2 ratios (40.101). Group 2 contains
the remaining 12 samples that fall between groups 1 and 3. The
histograms in Fig. 6 show that groups 1 and 2 have similar
distributions (MSWD 6), whereas group 3 shows signiﬁcantly more
dispersion (MSWD  13) and extends to more positive d56Fe values.
The high MSWD value of group 1 is entirely explained by mylonite
PROT-5-18-40, which has a d56Fe value of 0.09470.028%. Excluding this sample, the MSWD of the remaining 12 least weathered
samples is 2.4.
We use the population of least weathered samples, excluding
mylonite PROT5-18-40, in estimating the Fe isotopic composition
of the mantle. The average d56Fe value of this subset is
þ0.015 70.013%. The accuracy of our measurements has only
been tested down to a level of 70.025% (Dauphas et al., 2009b).
To account for the possibility of systematic error, we increase the
error bars to that value. The best estimate d56Fe value of the
abyssal peridotites prior to weathering is therefore þ0.0157
0.025%. This is a robust estimate that does not depend heavily on
the cut-off adopted for weathering. For instance, taking the 25
least weathered samples (  2/3 of the whole data set) yields an
average of þ0.00870.015% ( 70.025% including possible systematic errors).
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Fig. 6. Iron isotope frequency distributions in abyssal peridotites and peridotite
mylonites (this study), grouped according to their geochemical index of weathering MgO/SiO*2. Group 1 is the least weathered (MgO/SiOn2 r 0.045); group 2 is
moderately weathered; and group 3 is the most geochemically weathered (MgO/
SiO*2 Z 0.101). Peridotites from Groups 1 and 2 have similar distributions of Fe
isotope values, with an average d56Fe composition of 0% within uncertainty. The
dispersion of these data can largely be explained by analytical uncertainty. Group
3 peridotites have a signiﬁcantly larger dispersion of d56Fe values, likely reﬂecting
isotopic fractionation during weathering.

4.2. Can partial melting at oceanic ridges fractionate Fe
isotopes in peridotites?
Several studies have previously examined whether mantle melting at oceanic ridges can fractionate Fe isotope compositions of the
solid residue relative to the mantle source (e.g., Weyer and Ionov,
2007; Williams et al., 2005, 2009). The results of these calculations
differ substantially, with some models suggesting that large Fe
isotopic fractionation can be expressed in the residue. Modeling
quantitatively the Fe isotopic evolution of melts and residues during
melting is not without uncertainty, in particular because equilibrium
Fe isotope fractionation factors between mantle minerals and melts at
temperatures and pressures relevant to oceanic ridge melting are not
yet known. These uncertainties can be avoided by focusing on isotope

mass balance, which is not dependent upon the type of melting
model used (e.g., batch versus fractional) or the mineral-melt isotope
fractionation factors chosen. Isotope mass balance for mantle melting
is governed by the relationship,

d56 Femantle source ¼ d56 Femelt Uf Femelt þ d56 Feresidue Uf Feresidue

ð1Þ

where f is the mass fraction of Fe in the melt (basalt) or solid residue
(peridotite). This equation can be recast in terms of the mantle
residue:
d56 Femantle source ¼ ðD56 Femeltsolid þ d56 Feresidue ÞUð12f Feresidue Þþ d56 Feresidue Uf Feresidue

ð2Þ
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where D56Femelt-solid is the difference between d56Febasalt and
d56Feperidotite (¼ þ0.1%). Given that the bulk partition coefﬁcient,
Kd, of Fe between mineral and melt is close to one at conditions
relevant to mantle melting (e.g., Pearce and Parkinson, 1993), the
mass distribution of Fe (fFemelt) can be approximated by the degree of
melting (F) and it follows:

Fractional Melting
1.0

f

0.6

d56 Feresidue 2d56 Femantle source  2FUD56 Femeltsolid
56

d Femelt 2d Femantle source  ð12FÞUD Femeltsolid

ð3Þ

To strengthen this point, we modeled quantitatively the distribution of FeO and Fe2O3 between minerals and melt using MELTS
software for thermodynamic modeling of phase equilibria (Asimow
and Ghiorso, 1998; Ghiorso and Sack, 1995). Melting was modeled
as fractional and induced by decompression from 2.5 to 0.2 GPa
along an adiabat. The starting temperature was 1350 1C at 2.5 GPa
(which corresponds to being above the solidus) and the ﬁnal
temperature was 1257 1C. The oxygen fugacity was initially ﬁxed
at QFM (quartz–fayalite–magnetite), from which the bulk FeO and
Fe2O3 contents were calculated at the starting temperature and
pressure. Oxygen fugacity was subsequently buffered during melting. At each increment of pressure and temperature, MELTS was
used to calculate the degree of melting and the distribution of oxide
components between minerals and melt. In our calculations, up to
15% melting was produced. Extraction of Fe as both Fe3 þ and
Fe2 þ into the melt scales almost unitarily as a function of melting
(i.e., fFeliq F) such that, at F 0.15, the total fraction of Fe in the
melt is  0.12 (Fig. 7).
Our peridotite sample compositions can be reproduced by 4–16%
fractional melting (Fig. 2), based on melting models that start with
an average mantle composition from Workman and Hart (2005).
This melting range agrees with previous estimates for the degree of
partial melting involved in MORB generation (Johnson et al., 1990;
Klein and Langmuir, 1987; Montési et al., 2011; Salters and Stracke,
2004; Workman and Hart, 2005). Assuming F¼ 1075% and
D56Femelt-residue ¼ þ0.1%, mass balance (Eq. (3)) indicates that the
shift in the Fe isotopic composition of the residue should be
0.01070.005%. This is not identiﬁable at current limits of
analytical precision. Indeed, abyssal peridotites show no correlation
between d56Fe and indices of melting (Fig. 8), even in the few
peridotite samples that have the most depleted chemical compositions. We have corrected the average value of the least weathered
mantle peridotites (group 1; d56Fe¼ þ0.01570.025%) by this shift
to yield the present best estimate of the d56Fe composition of the
convective upper mantle of þ0.02570.025%.
Williams et al. (2005) presented calculations suggesting that
partial mantle melting could impart large isotopic shifts in the Fe
isotopic composition of the residues of melting. In Fig. 3 of their
paper, Williams et al. (2005) report a fractionation in d56Fe of the
residue relative to the starting source of  0.13% at F¼0.02,
which is impossible from a mass balance perspective. Fractionation between the residue and source of  0.13% at only 2% of
melting requires that the complementary melt have an Fe isotopic
composition fractionated by D56/64Fe¼ þ6.5% (Eq. 3). This value
is inconsistent with the D56/64Femelt-source values shown by their
model calculations and is clearly inconsistent with the small
range of Fe isotope compositions measured in MORBs (Figs. 3 and 4).
We conclude that the graphical results for the partial melting
calculations presented by Williams et al. (2005) must be incorrect
and that there is no measurable Fe isotopic fractionation in the
residue during mantle melting at oceanic ridges.
4.3. A chondritic Fe isotopic composition for the Earth
Our arguments above support the view that mantle melting at
oceanic ridges cannot signiﬁcantly fractionate the Fe isotopic
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Fig. 7. Geochemical evolution of melt and residue during fractional melting of
average upper oceanic mantle. The parameter f represents the mass fraction of
ferrous and ferric Fe in the melt/liquid (basalt) or solid residue (peridotite).
Geochemical fractionation was modeled using MELTS (Ghiorso and Sack, 1995).
The starting composition is the model composition for depleted MORB mantle
from Workman and Hart (2005). The initial ferric/ferrous ratio of the bulk system
was constrained by the buffer fO2 ¼ QFM at starting temperature (1350 1C) and
pressure (2.5 GPa). Oxygen fugacity was subsequently buffered during melting.
Melting occurred by decompression in 0.1 GPa increments along the adiabat,
resulting in 15% melting at a ﬁnal pressure of 0.2 GPa and a temperature of
1257 1C. The lower panel shows that total Fe partitions into the liquid as a
function of the degree of melting such that fFeliq  F, with the 1:1 correlation
shown. The geochemical distribution of Fe for batch melting of MORB mantle (not
shown) is identical to fractional melting.
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Abyssal peridotites and peridotite mylonites show no correlation between d56Fe
and indices of melting, as supported by results of partial mantle melting models.
There is no identiﬁable difference between the average d56Fe values of peridotites
from different oceanic spreading centers, at current limits of analytical precision.

composition of the residue of melting. Therefore, abyssal peridotites
must preserve the original Fe isotopic composition of the mantle
source. The spread in the Fe isotopic values of abyssal peridotites
that are geochemically the least weathered (MgO/SiOn2 o0.045, 35%
of samples) can be explained almost entirely by analytical uncertainty, with the exception of a single mylonite with very negative
d56Fe. Any remaining variation among samples may reﬂect subtle
differences in the Fe isotopic composition among mantle domains
sampled along ridge segments. Overall, our results indicate that the
convective upper mantle has a d56Fe value of þ0.02570.025%.
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Thus, our best estimate for the Fe isotopic composition of the
globally convecting portion of the silicate Earth is indistinguishable
at current levels of analytical precision from that of chondrites, but
different from that of MORBs (Craddock and Dauphas, 2010;
Dauphas et al., 2009a; Schoenberg and von Blanckenburg, 2006;
Teng et al., 2013; Zhu et al., 2001).
This result has several key implications. First, the Moonforming impact could not have given rise to extensive vaporization and loss to space of isotopically light Fe at high temperature,
because this process would have produced a mantle composition
with a heavy, fractionated Fe isotopic composition different from
that of chondrites (Poitrasson et al., 2004).
Secondly, our results indicate that metal-silicate differentiation (core formation) at high pressures on Earth also did not
fractionate the isotopes of Fe between the bulk mantle and core,
as suggested previously (Polyakov, 2009). The idea of Polyakov
(2009) was based on the apparent difference in the reduced
partition function ratios, or b-factors, for (Fe,Mg)SiO3 postperovskite (pv) and metallic Fe (m) determined from nuclear
resonant inelastic X-ray scattering (NRIXS), where equilibrium
isotopic fractionation between these phases is given by dpv–
dm E1000  (ln bpv  ln bm). The b-factors in that study were
derived from a series expansion in moments of the phonon
density of state (PDOS) extracted from NRIXS spectra at high
pressures. In a recent study, Dauphas et al. (2012) presented an
alternative method to determine b-factors directly from moments
of the NRIXS energy spectrum. These authors showed that Fe
isotopic fractionation at high temperatures relevant to mantle
minerals is given by the third moment of the NRIXS, which
corresponds to the mean force constant of Fe bonds. Dauphas
et al. (2012) further showed that estimates of the mean force
constant are highly dependent upon the high energy tails of the
NRIXS spectrum or the PDOS. For high pressure minerals (e.g.,
ferropericlase, post-perovskite), the derived constants of Polyakov
(2009) are highly uncertain and probably inaccurate owing to
high noise and truncation of the extended high energy tail during
data acquisition. The absence of measurable Fe isotopic fractionation during core formation as evidenced by the indistinguishable
Fe isotope composition of undifferentiated chondrites and
the terrestrial mantle supports the need for a reevaluation of
b-factors in high-pressure minerals.
In addition, our ﬁndings indicate that there is no Fe isotopic
fractionation expressed in the globally convecting mantle as a
result of FeO disproportionation in the lower mantle to Fe metal
and ferric Fe in perovskite. This conclusion contrasts with recent
results from experimental studies of Fe disproportionation by
Williams et al. (2012), who reported a large equilibrium isotope
fractionation between coexisting perovskite and Fe metal
(  0.45%/amu). Williams et al. (2012) suggested that this fractionation would be expressed as a positive bulk Fe isotopic shift for
the silicate mantle of þ0.1% in d56Fe, which is the same as
terrestrial basalts. However, the isotope balance of Williams et al.
(2012) erroneously assumes that all of the Fe isotopic fractionation between perovskite and metal is expressed only in perovskite. In Appendix A, we derive the correct chemical and isotopic
mass balance for disproportionation. We demonstrate that 6/7 of
the Fe isotopic fractionation during disproportionation would be
expressed in the metal phase, whereas only 1/7 would be
expressed between perovskite and starting FeO. The calculations
of Williams et al. (2012) over-predict, by a factor of 7, the
expected Fe isotopic fractionation between perovskite and initial
mantle FeO.
Our calculations show that no net Fe isotopic fractionation in
the bulk mantle would be detectable by the disproportionation
process. The difﬁculty of producing any Fe isotopic shift in the
silicate Earth by disproportionation stems from the low Fe3 þ /SFe
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ratio of the fertile upper mantle 0.036 (Canil et al., 1994). Based
on the stoichiometry of FeO disproportionation (3Fe2 þ 2Fe2 þ þFe0), only 1.5% of total Fe as metal (i.e., equivalent to 3%
of total Fe as Fe3 þ ) could have been segregated from the mantle
to the core, leaving 98.5% of the Fe budget in the bulk mantle. The
fraction of Fe removed is insufﬁcient to leverage an isotopic
fractionation on the mantle. Furthermore, our isotopic balance
also demonstrates that continuous FeO disproportionation and
incremental Fe metal removal to the core (i.e., Rayleigh distillation) yields the same, limited Fe isotopic fractionation in perovskite as would single-stage disproportionation (Appendix A).
Hence, iron isotopes cannot be used to discriminate the role of Fe
disproportionation in the terrestrial mantle.
Our peridotite Fe isotopic data demonstrate that oceanic
basalts are enriched in heavy Fe isotopes relative to that of their
mantle source. This supports previous ideas for Fe isotopic
fractionation between melt and solid during terrestrial mantle
melting (e.g., Dauphas et al., 2009a; Weyer et al., 2005; Williams
et al., 2004; 2005). Our results also suggest that future work on
iron isotopic fractionation during mantle partial melting should
focus on constraining the equilibrium iron isotopic fractionation
factors between melts and minerals as a function of pressure.

5. Conclusions
Abyssal peridotites are the residues of limited mantle melting
beneath oceanic ridges and are thus the most representative samples
of the convective portion of the mantle. The average d56Fe value of
abyssal peridotites from this study is indistinguishable from that of
chondrites. The Fe isotopic composition of peridotites is not measurably fractionated from their mantle source during melting (within
70.01%) and so peridotites preserve the original d56Fe composition
of their source. Accounting for possible Fe isotopic fractionation
during marine weathering of peridotites and for limited fractional
melting, we estimate a d56Fe composition of the convective mantle
from the least weathered peridotites to be d56Fe¼ þ0.02570.025%.
Abyssal peridotites provide compelling evidence that the d56Fe value
of the mantle is chondritic, whereas MORBs are fractionated at
þ0.1% during partial melting. The different average d56Fe values of
peridotites and basalts support the idea that there is Fe isotope
fractionation during partial mantle melting of the terrestrial mantle.
Our data preclude fractionation of Fe isotopes at high pressures during terrestrial core formation (metal-silicate differentiation) and also rule out partial iron vaporization and loss to space
of isotopically light Fe during the Moon-forming giant impact.
Both of these processes would have yielded a mantle with a
fractionated, non-chondritic d56Fe composition, which is inconsistent with abyssal peridotites recording d56Fe values for the
convective mantle identical to that of chondrites, within analytical uncertainty.
Iron isotopes have been proposed as a proxy to identify
disproportionation of FeO in mantle to Fe0 in metal and Fe3 þ in
perovskite, because experimentally determined equilibrium Fe
isotope fractionation between perovskite and metal is large
(Williams et al., 2012). However, our study demonstrates that
this process could not be a driver for Fe isotopic fractionation in
the mantle and that Fe isotopes cannot be used to discriminate
FeO disproportionation as a means to internally oxidize the
Earth’s mantle.
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Appendix A. Derivation of Fe isotope balance during FeO
disproportionation
The disproportionation of Fe2 þ can be represented in simpliﬁed form by the reaction,

6
7

dm ¼  Dpv
m:
2. Rayleigh distillation
In a Rayleigh model, Fe disproportionation and Fe metal
removal occurs incrementally. Let us write npv and Rpv, the
number of atoms and Fe isotopic ratio of perovskite, respectively.
We also note Rpv-m , the Fe isotopic ratio of the ﬂux of iron in
perovskite that is transformed in metal and is removed into the
core. The isotopic mass-balance at each increment of metal
removal is,
dðnpv Rpv Þ ¼ Rpv-m dðnpv Þ

2
1
Fe2 þ - Fe3 þ þ Fe0 ,
3
3

Introducing am
pv ¼ Rm =Rpv , the equilibrium isotopic fractionation between metal and perovskite, we have,

For n starting atoms of Fe2 þ , of which a fraction x disproportionates, the fractions of Fe2 þ , Fe3 þ , and Fe0 after disproportionation are,


n Fe2 þ ¼ ð1xÞn,

 2
n Fe3 þ ¼ xn,
3

 1
n Fe0 ¼ xn,
3

npv dRpv þ Rpv dnpv ¼ am
pv Rpv dðnpv Þ:

 1
1
dRpv ¼ am
dnpv
pv 1
Rpv
npv

The fraction of Fe3 þ in perovskite after disproportionation is
1/3 (Williams et al., 2012), so it follows,

lnðRpv =Rpv,0 Þ ¼ ðam
pv 1Þlnðnpv =npv,0 Þ:

nðFe3 þ Þ
nðFe

2þ

3þ

Þ þnðFe

¼
Þ

ð2=3Þxn
1
¼ :
ð1xÞn þ ð2=3Þxn
3

From this, we can estimate,
x¼

3
:
7

This establishes the disproportionation reaction for FeO in
silicate mantle as,
7Fe2 þ O-2½ðFe2 þ OÞ2 ðFe3 þ O1:5 Þ þ Fe0 :
ðsilicateÞ

ðperovskiteÞ

ðmetalÞ

Iron isotope balance for single stage (bulk) or incremental
(Rayleigh) disproportionation follow accordingly.

Division by npv Rpv and rearrangement yields,

from which we obtain the Rayleigh distillation equation,
dlnRpv ¼ ðam
pv 1Þdlnnpv :
Integration of the Rayleigh equation gives,

We can introduce the d notation by multiplying by 1000 and
noting that D E1000  (a  1);


npv
dpv ¼ Dpv
:
m
npv,0
For perovskite with 1/3 Fe3 þ , we need to disproportionate 3/7
of the initial Fe2 þ . For each Fe2 þ atom that disproportionates, 1/3
Fe0 atom is formed. Therefore, 1/7 of the initial Fe2 þ is converted
Fe metal and 6/7 is retained in perovskite. We have,
 
6
 0:15Dpv
dpv ¼ Dpv
m ln
m:
7
Batch equilibration and Rayleigh distillation produce the same
Fe isotopic fractionation in perovskite, i.e.,  1=7Dpv
m.

1. Bulk equilibration
Bulk equilibration follows the single stage equilibration
between the lower and upper mantle modeled by Williams
et al. (2012). Using the numerical constraints above, we write
the isotopic mass balance between perovskite and metal as,


2
1
2þ
ð1xÞn þ xn dpv þ xndm ¼ nd0 ,
3
3
where subscripts pv and m refer to perovskite and metal,
respectively. Taking the starting isotopic composition of FeO in
2þ
the mantle to be d0 ¼ 0 and introducing Dpv
m ¼ dpv dm as the
difference in the isotopic composition of Fe between perovskite
and metal (Williams et al., 2012), we obtain,



2
1
ð1-xÞ þ x dpv þ x dpv Dpv
m ¼ 0:
3
3
We therefore have,

dpv ¼

x pv
D
3 m

Introducing the value of x derived above,

dpv ¼

1 pv
D  0:143Dpv
m
7 m

Appendix A. Supporting information
Supplementary data associated with this article can be found in
the online version at http://dx.doi.org/10.1016/j.epsl.2013.01.011.
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